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Mixing of sediments by moving animals becomes increasingly apparent in the trace fossil record from about 
550 million years ago (Ma), loosely overlapping with the tail-end of the extreme carbonate carbon isotope 

carbonateC13δ  fluctuations that qualitatively distinguish the Proterozoic geochemical record from that of the 

Phanerozoic. These Precambrian-scale fluctuations in carbonateC13δ  (PSF- carbonateC13δ ) remain enigmatic, due 

to their high amplitude and inclusion of global-scale negative carbonateC13δ  values below anything 

attributable to mantle input. Here we note that different model scenarios seeking to explain PSF- carbonateC13δ  

converge: via mechanistic requirements for extensive anoxia in marine sediments in order to support 
sedimentary build-up of 13C-depleted carbon. We hypothesize that bioturbation qualitatively reduced marine 
sediment anoxia by exposing sediments to oxygenated overlying waters, which ultimately contributed to 
decreasing the carbon cycle’s subsequent susceptibility to PSF- carbonateC13δ . More tentatively, we suggest 

that by increasing the proportion of remineralization of organic carbon occurring in shelf sediments, 
bioturbation may have reduced the quantity of (isotopically light) organic carbon available to contribute to 
PSF- carbonateC13δ  via ocean crust carbonatization. We conduct a comparative modelling exercise in which we 

introduce bioturbation to existing model scenarios for PSF- carbonateC13δ  by expressing both (a) the anoxic 
proportion of marine sediments and (b) the global organic carbon burial efficiency, as a decreasing function 
of bioturbation. We find that bioturbation’s oxygenating impact on sediments has the capacity to prevent the 
anoxia-driven build-up of light carbonate carbon via, for example, authigenic carbonate precipitation or 
methanogenesis. Bioturbation’s negative impact on the organic carbon burial ratio orgf  is offset by 

liberation of organic phosphate, which feeds back in to new production- making its effect on 
remineralization less isotopically influential. We conclude that if PSF- carbonateC13δ  did indeed require the 

build-up of light carbon in anoxic marine sediments, then bioturbation caused a dampening in subsequent 

carbonateC13δ fluctuations, introducing a qualitative directionality to the geochemical record.   

 

 

 

 

1. Introduction  
The visionary Soviet geochemist Vladimir Vernadsky described life as “the only variable part of 



the thermodynamic field of the biosphere” (Vernadsky, 1929), implying that what we now refer to 
as the “Earth system” exhibits a directionality in time that qualitatively distinguishes it from 
comparable lifeless planets. A tangible example of such biologically generated qualitative 
geochemical change is bioturbation; the reworking and mixing of soils and sediments by life (most 
importantly the burrowing and physiological activities of moving animals). The idea that 
bioturbation can be expected to have driven unique changes in Earth system function sits easily 
with the long-appreciated significance of animal-driven sediment homogenization within 
contemporary environments (e.g. Meysman et al, 2006). It is also consistent with the long-term 
impact that bioturbation has been postulated to have had on Earth’s Sulphur (Canfield & Farquhar, 
2009) and phosphorus (Boyle et al, 2014) cycles. But when animals disrupt sediments, it is 
generally in connection with foraging for food; meaning that the carbon cycle is where the earliest 
geochemical evidence for the activity of moving animals might logically be expected. From this 
point of view it is informative to explore the potential relevance to carbonateC13δ trends of the origin 
and spread of bioturbation during what has become known as the “Cambrian substrate revolution” 
(e.g. Bottjer et al, 2000).  
1.2 Bioturbation and the fossil record 
The relatively sudden appearance and diversification of animals is perhaps the most striking change 
observable in the fossil record. However, the initial morphological diversification of animals is 
somewhat decoupled from the emergence of the “infaunal ecospace” in marine sediments (Erwin et 
al, 2011, Mangano & Buatois, 2014). Quantitative details concerning the establishment of the latter 
are still being worked out. The rise of animal bioturbation is of conceptual importance in that it 
constitutes the earliest example of animal-induced “niche construction” (Odling-Smee et al, 1996). 
As early as 565Ma, apparent burrow-like structures associated with a “meniscate” lining have been 
proposed as the first evidence for bioturbation (Rogov et al, 2012). The biogenic nature of these 
specimens has been questioned (Brasier et al, 2013), but alternative trace fossils are indicative of 
some form of movement through sediment during roughly the same time period (Liu et al, 2009). 
There is evidence for shallow burrows from about 560Ma (Menon et al, 2013), followed by an 
observable increase in burrow size, and their appearance in more shoreward environments from 
about 540Ma (Droser & Bottjer, 1988, McIlroy & Logan, 1999).  

The “Cambrian substrate revolution” refers to a transition between “Ediacaran Matground” 
environments, within which marine sediments are inferred to have been predominantly covered by 
microbial mats (Bottjer, 2005), to a more complex and dynamic sedimentary environment (Bottjer 
et al, 2000). This change goes hand in hand with (a) bioturbation, (b) bioirrigation (enhanced 
exchange between sediment pore water and the overlying water column, due to burrow flushing and 
animal movement), (c) exploitation of sedimentary organic matter as a food source, and (d) more 
extensive oxygenation and aerobic respiration of sedimentary organics, ultimately due to increased 
available reactive surface area for any given chemical exchange between sediments and the water 
column (e.g. Meysmann et al, 2016).  

Two key stages within the Cambrian substrate revolution can be identified; the Fortunian (541-529 
Ma) biodiversification event, and the Cambrian stage 2 (529-521) “agronomic revolution”. The 



former event involves a qualitative increase in the architectural complexity of animal body plans 
and trace fossils (coupled mainly to sediment “bulldozing” and increased sediment-water column 
exchange). The latter interval saw an extension of the vertical depth of bioturbation, and introduced 
the ventilated, advection dominated sediment macroecology characteristic of the Phanerozoic 
(Seilacher, 1999).  

The extent of bioturbation in marine sediments is estimated using the bioturbation index (BI) 
(Taylor & Goldring, 1993), which provides an estimate of the proportion of primary bedding fabric 
disrupted by the activity of bioturbation. The maximum observable bioturbation index in preserved 
sediments increases from 0 to 1 (1-4% bioturbation) at around 550 Ma, to 3 (5-30%) by about 540 
Ma, and up to 6 (100 %) from about 530 Ma onwards. The mean bioturbation index increases 
through values of 0.1, 0.5 and 2.4 respectively within these same time intervals. Additionally, 
between 540-529 Ma maximum observable burrow depth rose to approach modern levels of almost 
a metre. On the basis of these and similar metrics, it has generally been argued that bioturbation had 
begun to increase towards levels comparable with the later Phanerozoic by around 530-520 Ma 
(Mangano & Buatois, 2014).   

More recent research has challenged this paradigmatic view, and instead argued that a sizable 
proportion of the shelf remained unmixed until at least 120 million years after the Precambrian-
Cambrian transition (Tarhan & Droser, 2014, Tarhan et al, 2015). This interpretation is based on 
attempts to contextualize trace fossil samples to their sedimentary environment in a more 
temporally and spatially continuous way than previous studies. However, other analyses suggest 
that it is based on unwarranted extrapolation to the global scale from a relatively small number of 
samples (e.g. Mangano et al, 2016). Importantly however, there is agreement that the mean 
bioturbation index for shelf sediments was in the region of 2-3 after about 540 Ma. 

1.3 The Neoproterozoic-Cambrian boundary carbonate carbon isotope carbonateC13δ  record  
Positive and negative perturbations in the carbonate carbon isotope (δ13Ccarbonate) record are due to 
the preferential deposition of either relatively heavy (13C-enriched) or relatively light (13C-depleted) 
carbon to the carbonate rock record. Carbonate carbon precipitates from, and over geologic 
timescales is assumed to be at isotopic equilibrium with, the contemporaneous dissolved inorganic 
carbon (DIC) pool in seawater, the isotopic composition of which reflects the relative influence of 
various carbon fluxes. The carbonateC13δ  of a given sample records its 13C:12C ratio, 

samplesample CCR 1213 := , in parts per thousand (‰) deviation from Pee Dee Belemnite reference 

material 0112372.0=stdR (Libbes, 1992): 
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Rubisco, the enzyme responsible for photosynthetic carbon fixation, kinetically favors 12C, meaning 
that organic carbon is significantly depleted in 13C in comparison to the carbon pool from which it 
is fixed (Craig, 1953). From a biogeochemical perspective this leads to the inference that the more 



marine organic matter is formed, the more 13C-enriched the DIC pool becomes. Consequently, 
global positive carbonateC13δ  values have classically tended to be interpreted as indicating high 
organic carbon burial; i.e. relatively enhanced removal of 13C-depleted organic carbon from the DIC 
pool (e.g. Hayes et al, 1999, Kump & Arthur, 1999).  

The organic fraction of total (i.e. organic and inorganic carbonate) carbon burial orgf  is, at steady 

state (see methods), generally assumed to be related to the carbonateC13δ  record via: 

P

inc
orgf

ε
δδ −

=      (2) 

Where cδ  is the isotopic composition of the carbonate carbon (i.e. carbonatec C13δδ ≡ ), inδ  is the 
averaged isotopic composition of carbon input to the ocean-atmosphere system from weathering 
and the mantle combined, and Pε  is the fractionation factor by which organic matter differs from 
carbonate carbon 25≈−= orgcP δδε ‰ (e.g. Freeman & Hayes, 1992, Kump & Arthur, 1999). 

Because organic carbon burial is a source of atmospheric oxygen over geologic timescales 
(Holland, 1984, Betts & Holland, 1991), a narrative has emerged in which positive carbonateC13δ  
values are inferred to indicate increases in marine organic carbon burial, thus increases in the global 
ocean-atmosphere oxygen level. But this interpretation of the carbonateC13δ  record requires the 
assumption that the global carbon cycle is at steady state.  

Rothman (Rothman et al, 2003) provided a key insight by noting that Neoproterozoic datasets 
generate a slope of 1≈orgf on a graph of cδ  against Pε . In other words, the Neoproterozoic 

carbonateC13δ  record, and the extreme fluctuations that it features, would require an implausibly large 
organic carbon burial fraction in order for (2) to hold. On this basis, it was reasoned that the 
Neoproterozoic carbon cycle could not be described as one source and two sinks at steady state.  
Rothman’s initial hypothesis was that the Proterozoic ocean contained an exceptionally large 
dissolved organic carbon (DOC) pool, of the order of 100 times larger than that of the present 
system. This “Rothman ocean” scenario attributed negative carbonateC13δ   excursions to bursts of 
remineralization from this exceptionally large DOC reservoir (injecting 13C-depleted carbon into the 
DIC pool and therefore the preserved carbonate record). But later work showed that rapid, large 
bursts of remineralization would probably impose electron acceptor demands that approached 
quantitative depletion of the O2, NO3-  and SO42- pools (Bristow & Kennedy, 2008), which is 
impossible to reconcile with the wider geochemical record. Importantly, however, Rothman’s 
model16 provided the conceptual framework theme upon which subsequent Precambrian carbon 
isotope models have been based: There is a need for either non-steady state explanations to produce 
the short-term negative carbonateC13δ  excursions, or non-traditional explanations involving a 
neglected, isotopically light carbon fluxes that can explain negative excursions without violating the 
assumption of steady state carbonate carbon.  



An additional isotopically light carbon flux (i.e. other than organic carbon burial) could 
preferentially remove 13C-depleted carbon from the DIC-carbonate record, leading to positive 

carbonateC13δ (i.e. because the remaining DIC pool would be correspondingly 13C-enriched), without 
invoking unrealistic values for the organic carbon burial fraction orgf . If, during transient periods of 

Earth history, 13C-depleted carbon could be (via some external forcing such as topographic changes) 
transferred from this addition flux into the DIC-carbonate pool and thus preserved, then negative 

carbonateC13δ  excursions could be explained. Two such fluxes that are mechanistically plausible in 
this regard are (a) the precipitation of 13C-depleted carbonate carbon during hydrothermal alteration 
of the seafloor (Bjerrum & Canfield, 2004), and (b) direct (i.e. authigenic) carbonate precipitation 
within highly alkaline anoxic microenvironments in sedimentary pore fluids (Schrag et al, 2013). 
Dynamical scenarios explain negative carbonateC13δ  excursions via a transient injection of 13C-
depleted carbon into the preserved record. Most relevantly, a climatic feedback loop (see methods) 
has been postulated involving methanogenic oxidation of sedimentary dissolved organic carbon 
(DOC), decreasing atmospheric hydroxyl levels and leading to a positive feedback involving further 
methane release, global-scale temperature and isotopic fractionation changes, and ultimately the 
injection of isotopically light carbon into the preserved record (Bjerrum & Canfield, 2011).  

A final complication relates to the relationship between the isotopic composition of preserved 
carbonate carbon and that of preserved organic carbon in rock organicC13δ . If excursions in 

carbonateC13δ  are driven (at least in part) by burial of organic carbon that fractionates from the DIC 

pool, then these excursions should include in both the carbonate carbonateC13δ  and organic organicC13δ  

carbon records (i.e. because organic carbon fractionates from the DIC pool by a factor of Pε ). The 
lack, in some Neoproterozoic sections, of isotopic covariance between carbonateC13δ  and organicC13δ  

has caused some researchers to invoke local phenomena to explain some excursions in some 
sections (as opposed to global carbon cycle as a whole). Models in this category include changes in 
groundwater composition (Knauth & Kennedy, 2009) or diagenesis (Derry, 2010). An equivalent 
hypothesis attributes local carbonateC13δ  excursions to the variable input of an isotopically light (i.e. 
13C-depleted) carbon pool, via weathering of organic matter or organic-rich mudstones on the land 
surface, affecting a coastal microcosm isotopically decoupled from the wider carbon cycle 
(Johnston et al, 2012). The general point is that some of the negative carbonateC13δ excursions may 
reflect the idiosyncrasies of local sediment environments, rather than global-scale changes. 
However the first-order features of the Neoproterozoic-Cambrian carbonateC13δ are broadly 
synchronous across multiple different datasets, so these local models, whilst relevant, are not a 
complete explanation.  
 
The key conclusion from the Neoproterozoic carbonateC13δ  literature is the existence of a fundamental 
unresolved uncertainty: any mechanistic explanation as to why extreme isotopic excursions 
occurred during the Neoproterozoic era, must also contain an inbuilt explanation as to why these 



excursions tailed off, and eventually stopped, after the Precambrian-Cambrian boundary. In this 
vein, a key observation guiding this work is that the final and most extreme negative carbonateC13δ  
excursion, the Shuram anomaly, which ended at ~550 million years ago (Ma), broadly overlaps 
with the first signs of bioturbation in Earth’s history (Grotzinger et al, 2011, Lee et al, 2013). Our 
purpose here is to examine the plausibility of any causal connection between these two 
observations.  

2. Summary of methods 
Our approach involves the re-derivation and modification of several different existing model 
studies, which makes the description of our methods unavoidably lengthy. We therefore restrict 
ourselves to a short summary here. A detailed, quantitative description of each of the models used, 
and full derivation of our bioturbation formulation in each case, is given in the appendix at the end 
of paper, and the key model formulations referred to in the results, and the equations from which 
they are taken, are summarized in table 1.  

In essence, we write a formulation expressing both (a) the balance between marine production, 
remineralization and burial and (b) the anoxic fraction of shelf sediments, as a function of 
bioturbation, and then introduce this formulation to various existing models of carbonateC13δ . We put 

both remineralization and sediment oxygenation as a function of a key variable, biotf , defined as the 
fraction of the global organic carbon burial flux that occurs in bioturbated sediments. 

We proceed as follows: 

1. We calculate the global organic carbon burial efficiency ζ using two end member cases, 
which differ by whether or not they include the contribution of bioturbation to 
remineralization of organic carbon in marine sediments. We calculate a high burial 
efficiency term, representing a non-bioturbated system prior to the evolution of moving 
animals ( prebiotζ ), and low burial efficiency term representing full bioturbation biotζ .  
We use biotf  to apportion between these two limiting-case burial efficiency terms in order to 
calculate the overall organic carbon burial efficiency )1( biotprebiotbiotbiot ff −⋅+⋅= ζζζ  used 
in the rest of the model (see equation (10), appendix). 
 

2. We express the anoxic fraction of marine sediments ),( biotoceansed fanoxFanox =  as a decreasing 
function of bioturbation (and an increasing function of the wider global ocean anoxic 
fraction).  These anoxia terms plug in to both carbon isotope model formulations and global 
biogeochemical burial fluxes. 
 

3. We couple this bioturbation-linked carbon cycle formulation to a dynamical model of the 
marine phosphorus cycle (and its connection to the atmosphere-ocean oxygen reservoir), so 
as to predict the marine phosphate concentration, which then feeds in to marine productivity, 
and therefore the marine organic carbon burial flux.  
 



4. We use the marine organic carbon burial flux in order to derive a final value for the organic 
carbon burial fraction orgf . We then use orgf  to calculate steady state carbonateC13δ   within 
various different model formulations: 
 

a. We consider a “conventional” f-ratio formulation (in which positive isotopic 
excursions in the carbonate carbon pool result from removal of 13C-depleted carbon 
through the organic burial flux), and use this formulation to calculate the final 

carbonateC13δ  value. The f-ratio formulation is used: 
 

i. In isolation, in a conventional carbon cycle model formulation, in which 
carbonateC13δ  varies due to changes in the organic burial fraction orgf  only 

orgPinC f⋅+= εδδ  (where inδ is the isotopic composition of the combined 
input from weathering and degassing, and Pε  is the photosynthetic 
fractionation factor, see equation (23)).  
  

ii. In combination with a substantial authigenic carbonate carbon sink, such that 
carbonateC13δ  varies with both orgf and the fraction acf  of authigenic carbonate 

burial with a 13C-depleted isotopic signature. The latter fraction acf  is either 
parameterized or is a function of bioturbation through sediment anoxia 
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maximum value of” and 0biotf  is a normalization value necessary to balance 
modern day fluxes, see equation (28)). 
  

iii. In combination with an ocean crust carbonatization (OCC) scenario, in which 
carbonateC13δ  varies with orgf and with the fraction λ of inorganic carbon burial 

accounted for by the OCC process (and also carrying a 13C-depleted 
signature). The isotopic difference S∆  between OCC-derived carbonates and 
DIC-equilibrated marine carbonate is a function of how much organic carbon 
is degraded in the deep ocean, which we hypothesize will decline with 
increasing bioturbation (discussed below). We therefore write 

0,

))()(()(
biot

biot
earlySlateSearlySS f

f
⋅∆−∆+∆=∆ , where lateS )(∆ , earlyS )(∆  are 

threshold values from the original model, expressing how the isotopic 
difference between sea level and crustal-precipitated carbonates has 
decreased over Earth’s history. (See equations (30) and (31)).     

 
5. We derive an approximation to a dynamical model of a methane greenhouse induced 

climatic feedback sequence that leads to a transient, negative carbonateC13δ  excursion. This 
formulation centers on the idea that the reduction in sediment anoxia by bioturbation 
reduces the baseline level of methanogenesis on which this feedback sequence depends. We 
approximate this model analytically, and define a quasi-steady state situation, at the 



inflection point characterizing the peak of the climate perturbation that causes the isotopic 
excursion (see detailed discussion below and in the appendix). The carbonateC13δ  excursion that 
results is sensitive to bioturbation via remineralization and sediment anoxia, (1) and (2) 
above, (see equations (55) and (56)).  
 

6. We include carbonateC13δ  results both in the presence and absence of a bioturbation-induced 
organic phosphorus sink that we have hypothesized (Boyle et al, 2014) in previous work. In 
the presence of this feedback, marine organic phosphorus burial mopb  is an increasing 
function of bioturbation and marine organic carbon burial orgB , ),( biotorg fBFmopb = , in its 
absence the organic phosphorus burial flux scales stoichiometrically with the organic carbon 
burial flux )( orgBFmopb = . 
 

7. We derive an analytic approximation of a mixed local microcosm scenario, which attributes 
aspects of carbonateC13δ  negative excursions to the influx of a 13C-depleted carbon source 
through weathering of the land surface. In this formulation, local carbonateC13δ  is impacted 
upon by remineralization of organic material, both from this exogenous source and from 
“normal” (i.e. endogenous) sedimentary organic carbon. The fraction of remineralization 
that is derived from the exogenous source is proportional to biotf , because we argue that this 
exogenous will necessarily be more resistant to degradation than sedimentary carbon, 
therefore more likely to remain present in the microcosm for a sufficient time to influence 
local carbonateC13δ  (see equation (59) and associated discussion). (This final formulation is 
peripheral to our general arguments about the global carbon cycle but we include it because 
such models are an important conceptual category within discussion about the Precambrian-
Cambrian boundary carbonateC13δ  literature).    
 

8. We conduct a wavelet analysis of compiled carbonateC13δ  data from the literature, by which we 
derive the most appropriate fit for the period and wavelength of the observed isotopic 
fluctuations (see equation (62)).  

 
As we are comparing multiple separate model formulations, each with their own set of uncertainties 
in terms of unconstrained parameters, we emphasize that our aim is a semi quantitative 
characterization of the potential impact of bioturbation on long term trends in the carbonateC13δ  
record. We make no claim to rigorously reproduce a quantitatively accurate dynamical picture of 
bioturbation and carbonateC13δ  over time given current data. Rather, the aim here is a systematic 
conceptual analysis of how bioturbation might be expected to have modified the carbon isotope 
record, under different hypothetical assumptions about its underlying dynamics.    
 
 
 
 
 
3. Results 



Figure 1 plots compiled carbonateC13δ  data from several published papers (see supplementary 
information) for the interval from 900Ma to present, against a wavelet power spectrum fit, which 
we used to explore the data for periodicity (see appendix). The wavelet analysis illustrates the 
period and amplitude of the isotopic excursions that is most applicable, demonstrating a clear 
qualitative decline in both amplitude and period of carbonateC13δ  excursions after about the 

Precambrian-Cambrian boundary. The Neoproterozoic carbonateC13δ  record exhibits higher 
amplitude, longer period fluctuations than that of the Cambrian, and a dampening in this happens 
from about 550 Ma onwards. The general principle of a dampening in carbon isotope variation from 
the Cambrian is consistent with the first order trends, and other more comprehensive statistical 
analyses (e.g. Krissansen et al, 2015)).    

3.1 Steady state results 
Figure 2 shows steady state results illustrating the relationship between biotf  and carbonateC13δ . This 
relationship is compared for various different model scenarios, prescribed values for the modern 
day organic carbon burial efficiency, and in the presence and absence of a dynamical marine 
phosphorus cycle limiting new production. Positive steady state carbonateC13δ  values result from the 
preferential burial of 13C-depleted carbon by marine organic carbon burial either in isolation (f-ratio 
scenario, left) or in combination with authigenic carbonate precipitation (middle) or carbonatization 
of the ocean floor (right). We initially discuss some more peripheral results, concerning 
bioturbation’s effect on remineralization of organic carbon, and on organic phosphate burial, before 
discussing the main results for each carbonateC13δ  model. 
 
3.1.2 Bioturbation and remineralization of organic carbon 
Increased biotf  translates into lower net organic carbon burial efficiency ζ  (by equation (10), i.e. 
the impact of bioturbation on remineralization) for a given baseline level of export production. 
When bioturbation affects only remineralization, and hence organic carbon burial efficiency (dashed 
lines, left panel), then its impact is only noticeable at low total organic carbon burial efficiencies. At 
low net organic carbon burial efficiencies combined with large values of biotf , the (relatively low) 
bioturbation-specific burial efficiency biotζ  can have a comparable impact to the relatively high 
burial efficiency for the pre-bioturbation state prebiotζ  (see equation (10)). In the limiting case of 
“complete bioturbation” 1→biotf , the burial efficiency declines significantly biotζζ → , causing any 
positive excursion in carbonateC13δ  to tend to zero. However because the modern day bioturbated 
fraction (see equations (10)-(15)) is significantly less than unity 6.00 =biotf , so 1→biotf  is not 
analogous to present day, and this region of parameter space is likely of minimal relevance to the 
isotopic record. 
 
Bioturbation begins to have a significant impact on burial efficiency, thus carbonateC13δ , at a lower 
value of biotf  when the prescribed modern day burial efficiency 0ζ  is lower (compare the blue and 
red dashed line in figures (2a) and (2c)). This is because the presumed modern day organic carbon 
burial efficiency is used to calculate the modern export production flux (equation (9)) and therefore 
the pre-bioturbation organic carbon burial efficiency prebiotζ  (equation (8)). Both of these quantities 
are very difficult to constrain for deep time, so to some extent, the difference between the blue  



(lower limit modern organic carbon burial efficiency 003.00 =ζ ) and red (extreme upper limit 
modern organic carbon burial efficiency 25.00 =ζ ) can be considered an artefact of the simplistic 
way in which we have balanced the organic carbon fluxes. But the key point is that the qualitative 
relationship between carbonateC13δ  (discussed in detail below) and biotf  is not altered by this 
parameter choice, although it does alter the specific carbonateC13δ  value that the model predicts.  
 
3.1.3 Bioturbation and marine organic phosphorus burial 
A bioturbation-induced phosphate sink leads to a decrease in marine phosphate concentration, 
which decreases production, organic carbon burial and carbonateC13δ . However, increased organic 
phosphorus burial leads, at steady state, to decreased marine phosphate concentration, therefore 
decreased marine organic carbon burial, therefore decreased oxygen (Holland, 1984, Holland & 
Betts 1991, Lenton & Watson, 2000)). Decreased oxygen leads to increased ocean anoxia, which 
leads to reduced Fe-adsorbed phosphate burial, which causes a secondary increase in marine 
phosphate concentration in a net negative feedback (Ingall & Van Capellen, 1994, Lenton & 
Watson, 2000). This works in the opposite direction as the first-order impact of the bioturbation 
induced phosphate sink, with a compensating impact on marine phosphate concentrations. The 
overall consequence is that the biogeochemical impact of a bioturbation induced organic 
phosphorus burial sink is likely to have been a strong decrease in ocean-atmosphere oxygen levels, 
but only a weak decrease in marine phosphate concentrations (Boyle et al, 2014).  
 
These feedbacks are illustrated by a comparison between the upper and lower rows in figure 3. This 
figure depicts the global ocean-atmosphere oxygen and marine phosphate reservoirs, magnitude of 
relevant fluxes, and the carbonateC13δ  values predicted.  The increase in marine organic phosphorus 
burial associated with introduction of the bioturbation-induced organic phosphorus sink (lower row) 
triggers a substantial decrease in ocean-atmosphere oxygen and ocean phosphate. The subsequent 
stabilization of phosphate concentrations is due to a balancing decline in the other inorganic 
phosphorus burial fluxes (lower right panel, i.e. figure 3B4). When bioturbation affects 
remineralization and sediment anoxia, but does not affect marine organic phosphorus burial, 
bioturbation actually causes a slight increase in marine phosphate concentrations (3A4, top right). 
This is because the oxygen consumption by bioturbation-induced remineralization increases ocean 
anoxia, decreasing Fe-adsorbed phosphate burial.  
 
Crucially in terms of our focus here, the strength of bioturbation’s decreasing impact on carbonateC13δ  
is substantially enhanced by including a bioturbation-induced organic phosphorus sink only in the 
the f-ratio scenario, not the authigenic or carbonatization scenarios. This is because the latter two 
scenarios do not require changes in production or marine organic carbon burial in order to produce 
positive carbonateC13δ  values, and instead depend upon sediment anoxia.   
 
3.1.4 Bioturbation, sediment anoxia and authigenic carbonate precipitation 
In the authigenic scenario, more positive steady state carbonateC13δ  values occur when the magnitude 
of the authigenic carbonate precipitation flux is greater, because this flux removes 13C-depleted 
carbon from the preserved record, leaving DIC-equilibrated marine carbonate proportionally 13C-
enriched. Figure 2B shows how Bioturbation reduces marine sediment anoxia, which decreases the 
authigenic carbonate flux (see equations (12), (27) and (28)), reducing the steady state carbonateC13δ  
value. This basic relationship is robust to parameter changes, and does not depend on whether or not 



the carbon fluxes are coupled to marine phosphate dynamics. The only exception to this general 
relationship occurs at very high levels of bioturbation 1→biotf , at which the oxygen decline caused 
by increased remineralization leads to a secondary increase in overall ocean anoxia, sediment 
anoxia, and the final carbonateC13δ  value. (The strength of this secondary effect is increased by 
including full oxygen and phosphate dynamics, compare the gradient of the solid and dashed lines 
on figure 2B). Other carbonateC13δ  values may result from our choice of parameters, particularly the 
authigenic fractionation factor 15=acε ; for which other values are plausible (Schrag et al, 2013), 
but again the qualitative result is unaffected. The conceptual explanation of this result is simple; the 
authigenic flux depends on the build-up of carbonate alkalinity in anoxic sediments, the abundance 
of which bioturbation would likely qualitatively decrease.  
 
3.1.5 Bioturbation and ocean crust carbonatization 
Figure 2C plots the relationship between biotf  and steady state carbonateC13δ  in the ocean crust 
carbonatization (OCC) scenario. The result is analogous to the authigenic scenario; increasing biotf  
decreases the steady state carbonateC13δ  value across all parameter choices. Positive carbonateC13δ  
values, as in the authigenic scenario, result from increased removal of 13C-depleted carbon at 
increased levels of the OCC flux. Bioturbation decreases the isotopic difference between this flux 
and “normal” (DIC-equilibrated) carbonate (equations (31) and (32)), thus reduces the magnitude of 
the positive carbonateC13δ  that the OCC flux causes. As with the other scenarios, as 1→biotf ,

013 →carbonateCδ , with the curve of this relationship dictated by the choice of burial efficiency terms 
and the presence/absence of a bioturbation-induced organic phosphate sink. Again, the qualitative 
relationship is robust to parameter changes.  
 
Conceptually, this result can be explained by two arguments, which are implicit in our formulation 
of the ocean crust carbonatization (OCC) scenario. We propose that this scenario can be plausibly 
connected to bioturbation by two arguments: First, that bioturbation-induced remineralization leads 
to less organic-derived, 13C-depleted carbon being exported to, and decomposed in, the deep ocean. 
Second, the argument that the reason that carbon precipitated via OCC is 13C-depleted, is that this 
carbon is ultimately organic in origin, but ends up being degraded in the deep ocean, before being 
channeled into OCC (Bjerrum & Canfield, 2004). We propose that bioturbation increases the 
proportion of organic material degraded at shallow depths, thus reduces the quantity of organic-
derived carbon available at depth to the OCC sink.     
 
3.2 Approximation to a dynamical model: Bioturbation and a methanogenesis-driven feedback 
loop 
As described above, we formulate a simple (zero dimensional, analytic) approximation to the 
various steps in the feedback sequence (equation (33), and as described above), in which sediment 
anoxia is a decreasing function of bioturbation biotf  (equation (12)). The basis of the feedback loop 
is summarized by the original authors as “photo-oxidation of DOC results in a high flux of CO  to 
the atmosphere, which lowers the concentration of the hydroxyl radical OH• , which in turn 
increases the residence time of methane in the atmosphere. This increase in methane residence time 
is greater than would be accomplished by just an increase in the methane flux. The end result is 
higher atmospheric methane concentrations. Greenhouse warming from the methane increases 
surface temperature and melts glacial ice, which combine to produce a negative O18  anomaly in 
precipitated carbonates. The higher temperatures also accelerate the weathering of continental 



rocks, drawing down atmospheric 2CO . Lower 2CO , in turn, reduces the isotopic fractionation 
between DIC and organic carbon during primary production, while the C13δ  composition of 
organic carbon is buffered by the large DOC reservoir.” (Bjerrum & Canfield, 2011). 
 
Figure 4 shows a compilation of results expressing the magnitude of carbonateC13δ  excursion triggered 
by the feedback loop against biotf , for different prescribed magnitudes (see legend) of the initial 
perturbation (a decline in atmospheric OH• radicals, see methods). For larger parameterized initial 
magnitudes of the perturbation ( OH• decrease), and resultant atmospheric 4CH  increase, the 
sensitivity to bioturbation is greater (i.e. the gradients of the lines are steeper). This is due to the 
multiplicative nature of the feedbacks involved. Increasing bioturbation reduces the capacity of 
sediments to produce 4CH  because it leads to increased sediment oxygenation. The magnitude of 
the increase in atmospheric 4CH  concentration and residence time that is associated with this 
feedback sequence is a function of sedimentary methanogenesis. The ultimate effect of this 4CH  
increase on the final (negative) carbonateC13δ  excursion is significant, because this increase occurs 
early in the feedback sequence, and alters the magnitude of each of the subsequent stages (see 
appendix). Again, despite quantitative uncertainties in the actual carbonateC13δ  change produced, the 
key result is simple; increased bioturbation reduces the magnitude of the negative carbonateC13δ  
excursion caused by this feedback loop. 
 
3.3 Local isotopic microcosm model: Bioturbation and an exogenous, terrestrial organic carbon 
source 
The final set of results, figure 5, refer to a localized shallow shelf microcosm scenario involving 
input of terrestrial, organic derived, 13C-depleted carbon (Johnston et al, 2011). This scenario is 
qualitatively different from the others described, because it refers only to the carbonateC13δ  of a local 
site, rather the global DIC-equilibrated average. We include this scenario so as to represent the 
category of Neoproterozoic carbonateC13δ  models that attribute negative carbonateC13δ  values to such 
local phenomena (based on the lack of isotopic covariance between carbonateC13δ  and organicC13δ  in 
some sections exhibiting negative isotopic excursions, see appendix). We formulate this hypothesis 
in terms of bioturbation on the basis of two key arguments. First, increasing bioturbation increases 
organic carbon remineralization in the focal microcosm. Second the exogenous terrestrial organic 
carbon pool is more resistant to remineralization than “normal” endogenous sedimentary organic 
carbon (equations (59) and (60)), therefore bioturbation’s effect on endogenous organic matter will 
be stronger. For organic material to trigger negative carbonateC13δ  excursions in the microcosm, it 
must be sufficiently resistant to degradation to concentrate within it, but not so recalcitrant that it is 
not broken down. We argue that bioturbation, by enhancing remineralization of endogenous organic 
material, would have enhanced the concentration of such an exogenous source of organic carbon.  
 
Figure 5 depicts the local carbonateC13δ  within this local scenario, which is impacted upon by 
remineralization of both endogenous, DIC-equilibrated organic carbon, and exogenous 13C-
depleted, organic carbon. The total organic proportion of the microcosm is set by orgf , three 
different values of which are depicted (note this local organic fraction is distinct from the global f-
ratio discussed above). Increased remineralization of organic matter leads to an input of 13C-



depleted carbon to the DIC pool, lowering carbonateC13δ . Some of this remineralization is made up by 
breakdown of the exogenous 13C-depleted organic pool derived from terrestrial input, which 
significantly lowers carbonateC13δ . The specific isotopic composition of this exogenous input is 
parameterized (legends) such that the proportion of remineralization that is derived from the 
exogenous (highly 13C-depleted) carbon pool increases with increasing bioturbation biotf  (equations 
(59) and (60)). As a result, larger biotf  values result in more negative local carbonateC13δ  values.  
 
Conceptually, this result is a consequence of our assumption (above) that bioturbation-induced 
remineralization will have a stronger impact on endogenous than exogenous 13C-depleted organic 
carbon (because the latter must necessarily be resistant to degradation in order to survive the 
weathering process). Crucially, in this scenario, bioturbation’s effect would be to enhance the 
susceptibility to (in this case, local, negative) isotopic excursions – in direct contrast to the other 
results.  
 
4. Discussion 
Our results provide a broad-brush survey of how the evolution of bioturbation may have impacted 
upon the carbonateC13δ  record, for various different existing models seeking to explain large 
Precambrian isotopic fluctuations. Into each of these models we have incorporated a semi-
quantitative formulation of how (we propose) bioturbation can be assumed to have altered the 
marine carbon cycle. In this formulation, bioturbation potentially causes (a) increased total organic 
carbon remineralization, (b) increased oxygenation of marine sediments, (c) a decline in the isotopic 
difference between marine DIC carbonate, and carbonate derived from the OCC process. We have 
not specifically focused on either negative or positive carbonateC13δ  excursions, but rather on the 
mechanisms driving fluxes containing a disproportionate amount of 13C-depleted carbon (which can 
be preferentially removed from the preserved record, leading to positive carbonateC13δ  values, or 
periodically included within it, leading to negative carbonateC13δ ). In general, our aim has been to 
examine the extent to which each model scenario can, in combination with bioturbation, explain the 
observed dampening of carbonateC13δ  variability from the beginning of the Cambrian onwards.  
 
Our results are, at their core, semi-quantitative and comparative. The models we have presented 
involve a number of unconstrained parameters, and we have compared the results of fundamentally 
different models built around different foundational assumptions. Thus it would it would be 
inappropriate to claim that our results accurately predict a specific, unique carbonateC13δ  value for a 
given level of bioturbation. Furthermore, the categorical nature of the bioturbation index data and 
the inherent incompleteness of the sedimentary record, make a global quantitative representation of 
bioturbation against time an unrealistic aim. For this reason we have restricted our arguments to the 
relationship between the bioturbated fraction biotf  and carbonateC13δ .  
 
 
 
With these provisos stated, however, we argue that our results strongly support the plausibility of 
the following conclusions: 
 



1) The exposure of sediments to oxygenated waters by bioturbation could have reduced the 
susceptibility to carbonateC13δ  excursions caused by mechanisms reliant upon sediment anoxia 
(e.g. authigenic carbonate precipitation, methanogenic DOC remineralization). 
 

2) If bioturbation increased the proportion of organic carbon remineralization occurring on the 
shallow shelf, and this caused less organic matter breakdown in the deep oceans, then this 
may have left less 13C-depleted carbon available for incorporation into ocean crust 
carbonatization. Consequently, the evolution of bioturbation may have reduced the isotopic 
difference between OCC derived carbonates and those from shallower environments, 
therefore decreased susceptibility to carbonateC13δ  excursions associated with the OCC 
process.  
 

3) The impact of bioturbation on remineralization of organic carbon could plausibly have had a 
negative impact on the organic carbon burial ratio orgf , but this is unlikely to have had a 
significant impact on the long-term carbonateC13δ  record. This is because simultaneous 
balancing of carbon, oxygen and phosphorus budgets necessitates that phosphate liberated 
by bioturbation-induced remineralization of organic matter feeds back into export 
production.  
 

4) If our previous hypothesis concerning a bioturbation-enhanced organic phosphate sink is 
valid, bioturbation can be assumed to have had a more significant (decreasing) impact on the 
organic burial fraction orgf  by reducing rates of primary production through this 
mechanism. 
 

5) The core idea, i.e. that bioturbation reduced susceptibility to subsequent carbonateC13δ  
excursions, sits most easily with the authigenic carbonate and/or methanogenic feedback 
loop hypotheses. This is because these scenarios depend upon sediment anoxia, and 
bioturbation-driven ventilation of sediments appears to be a robust way in which to explain 
the dampening in carbonateC13δ  fluctuation observed from the Cambrian onwards, relative to 
the Neoproterozoic.  
 

6) We find the idea that local, negative carbonateC13δ  excursions were caused by input from 
weathering of an exogenous, isotopically light, organic carbon source difficult to reconcile 
with our arguments. The fact that such a source must necessarily have been more resistant to 
remineralization than endogenous marine sediment organic carbon, implies that, if anything, 
bioturbation would enhance any local carbonateC13δ  excursions associated with it. This is 
inconsistent with the fact that such excursions become less frequent after the rise of 
bioturbation. 
 

The relatively rapid quantitative spread of bioturbation after the appearance of the first trace fossils 
(reviewed by e.g. Mangano & Buatois, 2014) is fully compatible with the hypotheses we present 
here and with the carbonateC13δ  record. From 550 Ma onwards, the build-up of isotopically light 
carbon in shelf sediments was made progressively less probable due to the ventilation of these 
sediments by bioturbation. By contrast the “delayed mixing” scenario (Tarhan et al, 2015) which 
pushes the rise of quantitatively significant bioturbation forward, possibly as far as the Paleozoic, is 



more difficult to reconcile with our arguments, because both the dampening in carbonateC13δ  
fluctuation, and the first trace fossils, are observed earlier. The key prediction that follows from our 
arguments is that there will exist a systematic and global scale negative correlation between the 
quantitative extent to which marine sediments are oxygenated, and the amplitude and period of 
fluctuation in carbonateC13δ . We argue that the presence of such a correlation is already supported by 
existing data, albeit at a coarse broad-brush level, and hope that this contribution may motivate the 
experimental community to conduct such a cross referencing exercise. 
 
We tentatively argue that either the methane-feedback loop (Bjerrum & Canfield, 2011) and/or the 
authigenic carbonate scenario (Schrag et al, 2013) are probably the most plausible explanations for 
the unique trends in the late Precambrian carbonateC13δ  record. Furthermore, although the authigenic 
carbonate scenario refers to steady state and the methanogenesis-feedback to a dynamical instability 
in climate, strictly speaking these two mechanisms may have both operated at different times. 
However, to some extent the reliance of these scenarios on biogeochemical processes that have been 
relatively invariant over Earth’s history means that they lend themselves to a lack of directional 
change in carbonateC13δ . The authigenic scenario explicitly attributes the decline in excursions to 
biological irrigation of sediments, and the methane-scenario entails a decline in the occurrence of 
the feedback loop as the oxygen and sulfate reservoirs increased in size. It is clear that bioturbation 
could provide a direct mechanism by which the irrigation of sediments could occur, and could 
introduce oxygen (and sulfate) directly to the site of 13C-depleted carbon build up. Thus, it was 
ultimately evolutionary innovation that introduced any directionality. 
  
As mentioned above, we find the exogenous terrestrial carbon scenario difficult to reconcile with 
the likely impact of bioturbation. We also note that no local scenario can explain the globally 
synchronous nature of the carbonateC13δ  trends. It is also worth reiterating that the f-ratio scenario 
cannot explain the scale of the excursions or the negative values involved, so is of secondary 
importance for this work. Nevertheless our arguments do not conflict with the case (Krissansen et 
al, 2015) for a moderate increase in the f-ratio over time. 
 
Ultimately, carbonateC13δ  fluctuations require the build-up of a substantial pool of 13C-depleted 
carbon, with positive and negative excursions being due to the exclusion and inclusion of such 
carbon in the preserved carbonate record (for topographic or climatic reasons). The single most 
striking directional trend in the carbonateC13δ  record is not a change in the global average, but the 
dampening of fluctuation in the Phanerozoic geochemical record relative to the Proterozoic. We 
have shown here that a biological innovation may be the missing link in explaining this dampening- 
which is perhaps the kind of qualitative geochemical change is of the sort that Vernadsky would 
have regarded as uniquely biological. 
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Figure 1. Standardized δ13Ccarb dataset and associated analysis of fluctuation structure for the 
time interval overlapping with the earliest bioturbation. a. A compilation of δ13Ccarb data were 
pooled and standardized using a smoothing spline (piecewise polynomial) function. b. A wavelet 
power spectrum was then used to determine the period (duration) of natural fluctuation within the 
δ13Ccarb record. Colour depicts oscillation magnitude, Y axis perturbation length; illustrating that 
large (>5‰) and long-period (>10 Myrs) oscillations are almost exclusively a Neoproterozoic 
phenomenon. 

 

 

 

 

 

 

 

 
 



 
 
Figure 2. Global average steady state δ13Ccarb values as a function of fbiot within f-ratio, 
authigenic carbonate and ocean crust carbonatization model formulations. Figure 3 depicts a 
compilation of the results of many simulations, each analogous to those depicted in figure 2 (except 
with constant bioturbation). Column a shows the results of an f-ratio formulation, column b 
authigenic carbonate, column c ocean crust carbonatization. Red lines show results using a maximal 
estimate for the global organic carbon burial efficiency 25.00 =ζ  , blue for a minimal estimate 

003.00 =ζ , solid lines show simulations in which bioturbation enhances the marine organic 
phosphorus burial flux, dashed lines in which it affects only remineralization and sediment anoxia.  
 
 
 
 
 
 
 
 
 
 
 
 
 
 
 
 
 
 
 
 
 
 
 
 
 



 
Figure 3. Dynamical simulations depicting the impact on various modelled estimates of 
δ13Ccarb, assuming that the global O and P cycles are dynamic, but that the carbonate carbon 
reservoir is at steady state. Column 1 shows dynamical, anoxia sensitive bioturbation (introduced 
half way through the 100 Myr simulation) in relation to various carbon cycle and anoxia-related 
quantities. Column 2 shows δ13Ccarb as estimated by the three steady state formulations described. 
Columns 3 and 4 show the reservoir size and dynamics of oxygen and phosphorus respectively. 
Row 1 shows a formulation in which bioturbation affects only sediment anoxia and organic carbon 
remineralization, row 2 one in which it affects these quantities and increases marine organic 
phosphorus burial. (Global present day organic carbon burial efficiency held at ζ0=0.003).   

 
 
 
 
 
 
 
 
 
 
 
 



 
 
Figure 4. The transient negative isotopic excursion induced by a dynamical feedback loop 
based on methane release, as a function of bioturbation. Results show the transient, negatively 
enriched δ13Ccarb value (Y axis) at the inflection point defining the peak of the perturbation induced 
by the methane feedback, as a function of bioturbation fbiot (X-axis), in a scenario in which 
bioturbation increases remineralization and reduces methanogenesis by aerating the sediments that 
would otherwise support it. (The latter effect is the main contributor to the result, see supplement). 
Different lines show different perturbation magnitudes, quantified as a relative increase in 
atmospheric methane levels compared to the starting level. 
 

 

 

 

 

 

 



 
 
Figure 5. The impact of bioturbation on the local isotopic composition of a mixed carbon pool, 
impacted upon by a 13C-depleted pool derived from the land surface. The isotopic composition 
of this pool is parameterized (legend). Remineralization from this organic carbon impacts the DIC 
pool (Y-axis), and the relative impact of the exogenous pool increases with increasing bioturbation 
(X-axis) because bioturbation increases remineralization of endogenous carbon.   
 

 

 

 

 

 

 

 

 

 

 

 

 



Table 1: Model formulations 

Formulation Equation used for 
carbonateC13δ  

results 

Steady State? Local or Global? 

f-ratio (Kump & Arthur, 
1999) 

(23) Yes Global 

Authigenic carbonate 
precipitation (Schrag et 
al, 2013) 

(27) Yes Global 

Ocean crust 
carbonatization (Bjerrum 
& Canfield, 2004) 

(31) Yes Global 

Methanogenesis driven 
climate feedback loop 
(Bjerrum & Canfield, 
2011) 

(56) No Global 

Exogenous terrestrial 
carbon source (Johnston 
et al, 2012) 

(59) Yes Local 

 

 

 

 

 

 

 

 

 

 

 

 

 



Table 2: Modified Redfield Revisited model (Lenton & Watson 2000)  
Quantity Baseline value (zero subscript denotes 

present day, fluxes in moles per year) 
Functional form Meaning/Units 

20O  19
20 107.3 ×=O mol (molar reservoir size to average surface ocean concentration 

conversion Oconc kOO ⋅= 2  where 
1241096.8 −−×= kgkO  and 

16
0, 105.331 −−×= molkgOconc µ ) 

Present day global 
ocean-atmosphere 
reservoir 
size/average 
surface water 
concentration. 

0P  15
0 101.3 ×=P mol (molar reservoir size to marine waters concentration 

conversion factor Pconc kPP ⋅=  where 
122101.7 −−×= kgkP  and 

16
0 102.2 −−×= molkgPconc  

Present day marine 
phosphate reservoir 
size /average 
surface water 
concentration 

orgB  112
0, 1075.3 −×= molyrBorg  concBO

conc

conc
org De

P
PEPB −⋅⋅= ζ2

0,
0 )(  where 

115
0 1025.2 −×= molCyrEP 127.2=D , 

12277 −= molkgB mol  

Marine organic 
carbon burial flux 
(modified for this 
study) 

ζ  003.00 =ζ  (sensitivity analysis to 

25.00 =ζ ) 

)1( biotprebiotbiotbiot ff −⋅+⋅= ζζζ where 

0025.0=biotζ and 2605.0=prebiotζ  

Organic carbon 
burial efficiency 

biotf  6.00 =biotf  anoxfbiot −=1  (or parameterized) Bioturbated 
fraction of organic 
carbon burial flux 

anox  14.00 =anox  

))1(1,0(

0

0
0

conc

conc

conc

conc

P
P

O
O

anoxMAXanox ⋅−−=  

Deep ocean anoxic 
fraction 

sedanox  Normalized to present 









−=

0

1,
biot

biot
oceansed f

fanoxMAXanox  
Fraction of 
continental shelf 
sediments 
potentially 
impacted upon by 
bioturbation that 
are anoxic 

oxW  112
0, 1075.3 −×= molyrWox  

0
0, O

OWW oxox ⋅=  
Oxidative 
weathering of 
reduced organic 
carbon in rock on 
land surface 

EP  115
0 1025.2 −×= molCyrEP  2

0,
0 )(

conc

conc

P
P

EPEP ⋅=  
Export production 

phosw  110
0 10675.3 −×= molPyrphosw  Held constant at present value Weathering influx 

of phosphate from 
rock on 

mopb  110
0 105.1 −×= molPyrmopb  )1(

lam

biot

biot

biot
org CP

f
CP
fBmopb ββ ⋅−

+
⋅

=  where 

)()()(
0

0

0 biotlam

biotlam

orgprebiot

prebiotbiot

CPCP
CPCP

B
mopb

⋅
−

⋅⋅
−
−

=
ζζ
ζζ

β  

Marine organic 
phosphorus burial 
(modified so as to 
be a function of 
bioturbation4) 



313.01283.0 ≤≤ β  

capb  110
0 105.1 −×= molPyrcapb  

0capbcapb = 2

0,

)(
conc

conc

P
P

 
Calcium bound 
phosphate burial 

fepb  110
0 106.0 −×= molPyrfepb  )

1
1(

0
0 anox

anoxfepbfepb
−
−

⋅=  
Iron-adsorbed 
phoaphate burial 

    
  

 

Table 3: Fluxes and corresponding isotopic weighting factors from Bjerrum and 
Canfield’s methane feedback model 
Flux Isotopic weighting factor 
Carbonate weathering influx carbw  

0
0,

0 )())(087.01(81.0
2

2 carbw
M
M

TTcarbw
CO

CO ⋅⋅−+⋅=  

KCT oo 15.288150 ≡= , 112
0 1035.13 −×= molyrcarbw , 

molM CO
16

0, 1064.7
2

×=  

oo
o

wcarbw 2== δδ  

0,
0

DIC

DIC

M
M

mccbmccb ⋅=  where molM DIC ´10192 18
0, ×=  and 

113
0,0 100.2 −×== molyrBmccb carb  

ICDICcarbw ∆−+= 1δδ   

where oo
o

IC 2.1=∆  

Export production EP  

)(
0

0 P
PEPEP =  where 17

0 10824.1 ×=EP  and 

1
0 1.0 −= molkgP µ  

2CODICPDICcarbw −∆−−= εδδ   
where 

)(2

85.10762.129

aq
P CO

P +⋅
=ε  and 

sCODIC T⋅−=∆ − 12.098.11
2

 
Marine organic carbon burial mocb  
Modified to mocb given by (4), (5) and (6).  
 
 

PDICorg εδδ −=  

Aerobic )1()1( oceanox anoxEPR −⋅−⋅= ζ  anaerobic non-
methanogenic )1()1( msedanox fanoxEPR −⋅−⋅= ζ and 
methanogenic =methR )1()1( γζ −⋅−⋅ msed fanoxEP  
remineralization of dissolved organic carbon and methanogenic 

fraction 
0

1
biot

biot
m f

f
f −=  and 5.0=γ is the 24 : COCH  ratio for 

methanogenesis, and sedanox  is given by (8) 
 
 
 

methanogenesis
)1())((

42
γδγδδ −⋅∆−−= CHorgorgCO  

where oo
o

CH 45
4
=∆ , other 

remineralization PDICorg εδδ −=  

 



8. Appendix: Full methods and model derivations 
In this section we discuss the details of each carbon isotope model scenario, and present a hypothesis for how 
bioturbation could have reduced the system’s predisposition to isotopic excursions in each case.  
  
8.1 Quantifying the impact of bioturbation on the remineralization of organic carbon 
The earliest bioturbating animals must have inhabited the sediments of the shallow continental shelf, which 
in the modern ocean support 89% of the remineralization and 91% of the burial of particulate organic carbon 
(Dunne & Sarmiento, 2005). The globally integrated shelf sediment organic carbon remineralization flux can 
be bracketed between (Sarmiento & Gruber, 2006). 

11414 1066.2100.1 −×≤≤× molCyrRsed       (4) 
 
Various estimates of the proportion Rf  of this respiration flux attributable to bioturbation range 
between 9.044.0 ≤≤ Rf  (Reimers & Suess, 1982, Ingall & Van Capellen, 1990). Multiplying 

Rsed fR ⋅  gives a “ballpark” estimate of the bioturbation-associated sedimentary organic carbon 
remineralization flux as between: 
 
 11413 1095.1104.4 −×≤≤× molCyrRbioturb     (5)  
 
The balance between remineralization, export production and organic carbon burial in the global 
marine carbon cycle can be represented as: 
 

orgBEP =⋅ζ        (6) 

 
Where EP is the export production flux leaving the photic zone (i.e. the difference between net 
primary production and photic zone respiration), orgB  is the global organic carbon burial flux (both 

of which are in units of moles carbon per year), and ζ  is the global organic carbon burial 
efficiency. Estimates of the present day value of this burial efficiency term from global mass 
balances are between (Holland, 1984, Betts & Holland, 1991): 
 

003.0002.0 0 ≤≤ ζ       (7) 
 
But much higher values, in the region of 1.005.0 0 ≤≤ ζ are observable in some non-euxinic marine 
sediments (Canfield, 1993) and it is entirely plausible that the organic burial efficiency may have 
varied substantially over the Precambrian-Cambrian boundary (perhaps more than at any other 
period of Earth history), in particular if oxygen levels were significantly lower than present day. 
Consequently, in our numerical simulations, we examine the sensitivity of the results to two 
extreme limiting case values 003.00 =ζ  and 25.00 =ζ  (although the former, lower value is likely 
far more representative of the global average). We estimate a ballpark figure for the organic carbon 
burial efficiency prior to the rise of bioturbation, by taking numbers from the modern system for a 



hypothetical case, in which all of the bioturbation-induced remineralization bioturbR  is instead 
lumped into the burial flux, so that the pre-bioturbation organic carbon burial efficiency is:  

0

0,

EP
RB bioturborg

prebiot

+
=ζ       (8) 

Where the zero subscript denotes present day value for marine organic carbon burial 
112

0, 1065.6 −×= molCyrBorg (Lasaga & Ohmoto, 2002) and export production flux for steady state: 

115

0

0,
0 1022.2 −×== molCyr

B
EP org

ζ
     (9) 

 
Note that when we give results for different values of the modern day organic carbon burial 
efficiency 0ζ  (see below), this merely acts as a scaling factor that, in effect, sets the export 
production flux (9) and pre-bioturbation burial efficiency (8), but does not alter the underlying 
dynamics (or the qualitative results, see discussion in main text). This gives a rough estimate for the 
pre-bioturbation burial efficiency in the range 091.0023.0 ≤≤ prebiotζ . Alternatively, if we take some 

empirical (Dunne & Sarmiento, 2005, Sarmiento & Gruber, 2006) estimates giving larger values for 
the export production fluxes 114

0 1042.5 −×= molCyrEP  and 113
0, 10167.2 −×= molCyrBorg , we get 

the much larger range  399.0121.0 ≤≤ prebiotζ . Clearly, there is a huge range in this global, pre-

bioturbation burial efficiency and it is impossible to constrain the parameter with reliability over 
these timescales. We select (admittedly somewhat arbitrarily) the average of these second two 
values 2605.0=prebiotζ for the upper limit baseline burial efficiency value, so as to examine the 

maximum impact of a high burial efficiency, pre-bioturbation ocean. The overall organic carbon 
burial efficiency used in the model is: 
 

biotbiotbiotprebiot ff ⋅+−⋅= ζζζ )1(      (10) 

 
Where, as mentioned above, biotf  is the proportion of the global organic carbon burial flux that 

occurs in bioturbated sediments. We constrain the post-bioturbation burial efficiency biotζ  to be less 

than or equal to the baseline modern day burial efficiency 0ζαζ ⋅≤biot , with 9.0=α  (and 

003.00 =ζ ) unless otherwise stated, so as to be consistent with (10) equal to 0ζ  (i.e. for present day 
mass balance) creates the requirement that: 

prebiotbiot

prebiot
biotf

ζζ
ζζ
−

−
= 0

0,        (11) 

for modern day organic carbon burial mass balance. This provides one constraint on the modern day 
bioturbated fraction 0,biotf  (i.e the constraints imposed by as calculated by the organic carbon burial 



efficiency). Another constraint on 0,biotf  is provided by the need to balance the modern day 
phosphorus burial fluxes (see below). Finally, it is worth remembering that even if global 
remineralization was much lower (organic burial efficiency much higher) prior to the evolution of 
bioturbation, its upper limit is constrained by the ratio of phosphate (which limits production) to 
carbonate alkalinity (thus potential carbonate burial magnitude) in crustal rock (Junge et al, 1975). 
We cap the f-ratio at 3.0max, ≤orgf , which is a generous overestimate of the 06.0125.0max, ±≤orgf  
invoked by this crustal ratio (Saltzman & Thomas, 2012). 
 
8.2 The impact of bioturbation on sediment anoxia 
An undisturbed sediment below an oxygenated body of water will go anoxic within less than a 
centimeter of the boundary layer (Gundersen & Jorgensen, 1993), whereas bioturbation and bio-
irrigation can introduce oxygenated water to at least 6-8cm (Pischeda et al, 2007, Rippey et al, 
2007, Weissberger et al, 2009). Qualitatively speaking, after the rise of bioturbation, the uppermost 
marine sediments of the continental shelf must have experienced a qualitative increase in the degree 
of exposure to the overlying water. Assuming (merely) that the first bioturbating animals required 
oxygen this amounts to the qualitative proposition that sediments were systematically oxygenated. 
We express this by writing the anoxic fraction of shallow shelf sediments relative to present day: 









−=

0

1,
biot

biot
oceansed f

fanoxMAXanox       (12) 

Where oceananox  is the fraction of the global ocean floor that is anoxic (calculated as a function of 

oxygen reservoir size and global remineralization demand, see below), and 0biotf  is, as above, the 

value of biotf  necessary for consistency between the present day marine organic carbon and marine 
organic phosphorus burial fluxes, orgB  and 0mopb  respectively (see below) and “MAX” obviously 

denotes the maximum of these two. Equation (12) shows that the global scale extent of shelf 
sediment anoxia cannot be less than that of the ocean as a whole (an oxygenated body of sediment 
below a completely anoxic water column is obviously ruled out), but it can be greater (sediments 
can be less well oxygenated than the overlying water column if bioturbation is less than the present 
level).  

8.3 Bioturbation, marine phosphate dynamics and constraining the modern day bioturbated 
fraction 0biotf   
Marine organic phosphorus burial scales with marine organic carbon burial, divided by the net C:P 
stoichiometry of organic matter (Ingall & Van Capellen, 1994, Lenton & Watson, 2000). In 
previous work, we argued that this C:P stoichiometry is a function of bioturbation, due primarily to 
redox sensitive changes in microbial polyphosphate sequestration after the ventilation of sediments 
(Boyle et al, 2014). Here, we include some simulations both with and without this bioturbation-
induced organic phosphorus sink. In simulations with bioturbation-sensitive marine organic 
phosphorus mopb burial, this flux is a function of marine organic carbon burial orgB  via the carbon 



to phosphorus ratios for bioturbated biotCP  and laminated lamCP  sediments, the bioturbated fraction 

biotf  and a phosphorus specific retention factor β : 

)1(
lam

biot

biot

biot
org CP

f
CP
fBmopb ββ ⋅−

+
⋅

=       (13) 

In simulations without this feedback, mopb scales with orgB  by a fixed constant (see table 2). 

Setting all the burial fluxes to their present-day values (denoted by the zero subscript, see Table 2, 
Lenton & Watson 2000), inserting (11) and solving for β : 

)()()(
0

0

0 biotlam

biotlam

orgprebiot

prebiotbiot

CPCP
CPCP

B
mopb

⋅
−

⋅⋅
−
−

=
ζζ
ζζ

β     (14) 

β thus represents the difference between the relative impact of bioturbation on the phosphorus and 
carbon burial fluxes, for steady state at present day. For lambiot CPCP ,  taking values between 150, 
3900, or 700,200, or 500, 250 respectively (Ingall & Jahnke, 1993, Van Capellen & Ingall, 1994, 
Anderson et al, 2001, Algeo & Ingall, 2007) works out as: 

313.01283.0 ≤≤ β       (15) 

Thus we formulate bioturbation’s impact on remineralization (11) and C:P burial stoichiometry (9), 
so as to be consistent with each other with present day fluxes. We select a value that is consistent 
with both these (independent) constraints and set 23.0=β , then use 6.00 =biotf  as a normalization 
factor in (12). Thus, within model formulations in which bioturbation is less than this value, then 
sediments are increasingly anoxic.  

In order to produce meaningful estimates of limiting nutrient concentrations, we use a box model of 
the coupled oxygen and phosphorus cycles (Lenton & Watson, 2000, also see Van Capellen & 
Ingall, 1994). The full model is described in the original papers, we simply list the equations and 
function definitions here. The time derivatives of the global marine phosphorus and atmosphere-
ocean oxygen reservoirs (in moles), are, respectively: 

oxorg WB
dt
dO

−=       (16) 

fepbcapbmopbW
dt
dP

P −−−=      (17) 

(See Table 2 and the original papers contain detailed flux definitions). The model was initialized at 
a fixed steady state, then numerically intergrated by a Runge Kutta method in MATLAB. Note that 
in some simulations the phosphorus and oxygen cycles were held constant as a reference point, i.e. 
with (16) and (17) set to zero and the export production and organic carbon burial fluxes held 



constant at their present values (Table 1), so that only the carbon cycle equations (given below) 
affect the results. 

8.4 Steady state models of carbonateC13δ : 
8.4.1 Organic carbon burial and the “f-ratio” (Kump & Arthur, 1999)  
The removal of 13C-depleted carbon can be attributed to changes in the relative magnitude of the 
organic carbon burial flux (Kump & Arthur, 1999). Consider the total mass CM  of dissolved 

inorganic carbon in Earth’s ocean-atmosphere 2CO system, and assume that this pool (and the 
carbonate carbon that precipitates from it) has global average isotopic composition cδ . The time 
derivative of the isotopically weighted inorganic carbon pool is: 

dt
dM

dt
dMM

dt
d c

C
C

ccC
δδδ ⋅+⋅=⋅ )(      (18) 

The time derivative 
dt

dMC  of the reservoir’s mass is: 

orgcarbIN
C BBF

dt
dM

−−=        (19) 

Where INF  is the combined input to the ocean DIC pool from the flux of gaseous 2CO from tectonic 

outgassing and aqueous 2CO  from weathering of carbonate rock on the land surface, carbB  is the 
burial flux of carbonate carbon following the precipitation of calcium and magnesium carbonates in 
the ocean, and orgB is, as above, the burial flux of organic carbon. If the input, carbonate burial, and 

organic carbon burial fluxes have respective isotopic compositions of inδ , cδ  and Pcorg εδδ −=

(where 0>Pε is the isotopic difference between organic and carbonate carbon), then it is possible 
to write (18) with each flux weighted by its isotopic composition: 

orgPccarbcinincC BBFM
dt
d

⋅−−⋅−⋅=⋅ )()( εδδδδ     (20) 

Substituting (19) into (18), then equating (18) and (20), and solving for 0=
dt

d cδ :  

 0))((1
=⋅+−= orgPINcin

C

c BF
Mdt

d εδδδ      (21) 

Multiplying through by
IN

C

F
M , and noting that if the mass as a whole is at steady state 0=

dt
dMC  then 

(by (19)), this means that the influx balances the combined burial fluxes, i.e. orgcarbIN BBF += , 



which in turn means that org
orgcarb

org

IN

org f
BB

B
F
B

=
+

=  (where orgf is the organic fraction of total carbon 

burial), which finally gives: 

incorgP f δδε −=⋅         (22) 

This is one way of expressing the carbonate “lever rule”, which describes the relationship between 
the organic burial fraction and the fractionation difference between organic and carbonate carbon 
(Kump & Arthur, 1999). An important implication of this relationship is that if the system is at 
steady state, then a graph of the isotopic composition of carbonate carbon cδ , plotted against the 
organic fractionation factor orgcP δδε −=  (i.e. the isotopic difference between organic and 

carbonate carbon), should have a slope given by the organic burial fraction orgf  , a premise that is 

relevant to diagnosing the unique behavior of the carbon isotope record during the Neoproterozoic 
(see text). From (19), the final steady state isotopic composition is: 

orgPinC f⋅+= εδδ       (23) 

Where the fractionation factor is in the range:  
5.3217 ≤≤ Pε       (24) 

And the mantle input is about 5−=inδ ‰ (Freeman & Hayes, 1992, Kump & Arthur, 1999, 
Krissansen et al, 2015). Unless otherwise stated, we use the middle of these two limiting values

5.24=Pε . The assumption of steady state carbonate carbon means that the carbonate carbon burial 
flux must balance that influx of carbonate from weathering of silicate and carbonate rocks on the 
land surface: 

carbsilcarb WWB +=       (25) 

Which, using 1121065.6 −×= molyrWsil  and 1121035.13 −×= molyrWcarb  gives
113

0, 100.2 −×= molyrBcarb .  

8.4.2 Authigenic carbonate carbon precipitation (Schrag et al, 2013) 
The previously hypothesized 13C-depleted authigenic carbonate burial flux, discussed in key papers 
(Higgins et al, 2009, Schrag et al, 2013) prompted serious debate (Canfield & Kump, 2013) as to 
whether the impact on carbonateC13δ  from the organic carbon burial flux, and by implication the 

expected connection between increases in carbonateC13δ and oxygen, has been over-emphasized. These 
authors followed previous work (Bjerrum & Canfield, 2004) in postulating a conceptually neglected 
isotopically light carbon sink, other than the burial of organic matter. Authigenic carbonates are 
isotopically light (i.e.13C-depleted) and form in anoxic microenvironments within sedimentary pore 
waters (as a result of alkalinity build via iron and sulphate reduction, e.g. through anaerobic 
oxidation of methane). Schrag et al reasoned that because the formation of such microenvironments 



is inhibited by the presence of oxygen, then authigenic carbonate precipitation over Earth history 
was (a) more isotopically influential within the Precambrian’s less oxygenated Earth system, and 
(b) that authigenic carbonate precipitation was (is) systematically biased to deeper shelf-slope 
sediments, relative to “normal” marine carbonate, in favor of “slope or deep base sections that are 
typically consumed or highly deformed during subduction” (Schrag et al, 2013).  The same authors 
propose that formation of carbonate platforms was more likely in the anoxic oceans of the past, in 
which carbonate saturation was relatively homogeneous between the surface ocean and the deep (by 
contrast, in the oxygenated contemporary ocean, carbonate tends to precipitate near the surface but 
dissolve at depth as saturation declines).  

Following the original authors, we define three specific isotopic fractionation factors. First, that 
associated with precipitation of marine carbonate carbon (assumed isotopically continuous with the 
dissolved inorganic carbon reservoir): 

013 ≈−= CDICmc C δδε       (26) 

Second, the fractionation associated with photosynthesis Pε  (as above), and third, the fractionation 
associated with authigenic carbonate carbon precipitation, (set as a positive number that is 
subtracted from the isotopic composition of carbonate/DIC) 2015 ≤≤ acε . We set 15=acε unless 
otherwise stated, then write an isotopically weighted mass balance  

(i.e. carbcarborgorgINin BCBCFC ⋅+⋅=⋅ 131313 δδδ ), assuming steady state ( carborgIN BBF += ), 

therefore
IN

org

carborg

org
org F

B
BB

B
f =

+
= , and dividing through by inF  we get 

)1(131313
orgcarborgorgin fCfCC −⋅+⋅= δδδ , exactly as described in the f-ratio scenario above. We 

follow the original authors in including the additional parameter acf , the fraction of the total 
inorganic carbonate burial flux that is authigenic carbonate precipitation, which means the this mass 
balance becomes: 

))1()()(()1()(13
acmccacacCorgorgPCin ffffC −⋅−+⋅−⋅−+⋅−= εδεδεδδ    

Solving for the steady state CcarbonateC δδ ≡13 : 

))1()1(()1(13
acmcaccacacaccorgorgPorgCin fffffffC −−−⋅+⋅−⋅⋅−+⋅−⋅= εδεδεδδ   

which gives; ))1(()1(13
acmcacacorgorgPinc ffffC −+⋅⋅−+⋅+= εεεδδ  

which (assuming (26) does indeed hold), gives simply: 

acacorgorgPinauthigenicc fffC ⋅⋅−+⋅+= εεδδ )1()( 13     (27) 

(Where, obviously, the subscript “authigenic” refers to this model scenario as a whole, i.e. 

authigenicc )(δ  is the global average carbonateC13δ  when impacted upon by authigenic carbonate 

precipitation).  



Although there is a dearth of evidence for systematic, geologically influential authigenic carbonates, 
and as such, the jury remains out on the validity of the hypothesis, the relevance of hypsographic 
and diagenetic factors would be consistent with an apparent lack of directionality in the average 

carbonateC13δ  value over time. Importantly as regards to bioturbation, the authigenic scenario 
implicitly relies on a systematic oxygenation (or other loss) of the microenvironments conducive to 
authigenic carbonate precipitation after roughly 550 Ma (if it is to provide an explanation the 
cessation of isotopic fluctuation as well as its occurrence). As Schrag et al state “fluctuations in the 
authigenic carbonate sink might have resulted from modest variations in surface redox, or 
evolutionary leaps such as the biological irrigation of sediments”. Here we hypothesize that the 
evolution of animal bioturbation provided this central evolutionary leap (and that the general 
principle of a qualitative change through animal-induced sediment oxygenation applies beyond the 
authigenic carbonate scenario specifically). We argue that the authigenic fraction of inorganic 
carbonate carbon burial acf , can be qualitatively approximated by the anoxic fraction of continental 

shelf marine sediments sedanox , and thus as a function of bioturbation, as defined above:     
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In other words, if bioturbation is below present level, the sediments can potentially be more anoxic 
than the ocean floor as a whole, and within the authigenic formulation this sediment-specific anoxia 
contributes to the system’s susceptibility to authigenic carbonate precipitation.  

8.4.3 Ocean crust carbonatization (Bjerrum & Canfield, 2004)  
Ocean crust carbonatization (OCC) results from hydrothermal alteration of the ocean floor, leading 
to the precipitation of calcium carbonate in which the −2

3CO anion is ultimately derived from DIC. 
In Precambrian (but not more recent) rocks there is a difference between the isotopic composition 
of DIC-equilibrated carbonates deposited from surface waters on the shallow shelf, 013 ≈carbonateCδ

and those resulting from OCC (and derived from the precipitation of deep ocean bicarbonate) 
3)(5 13 −≤≤− OCCcarbonateCδ , a vertical isotopic difference that persists to a lesser extent today 

(Broecker & Peng, 1982). Again, disproportionate removal and preservation of this light carbon 
sink could in theory contribute to positive and negative global preserved  carbonateC13δ  values 
respectively.  

Following the original authors (Bjerrum & Canfield, 2004). We weight the carbonate carbon 
isotopic composition using the fraction λ of inorganic carbon that is comprised by the OCC sink, 
and assume that this carbon deviates isotopically from the marine DIC pool via: 

SCOC ∆+= δδ       (29) 



Where S∆  is a negative number expressing the magnitude by which OCC derived carbonate is 
isotopically lighter than DIC-derived carbonate. Otherwise using the same fractionation terms as 
above, and the mass balance becomes: 

))()1(()1()(13
SCCorgorgPCin ffC ∆+⋅+−⋅⋅−+⋅−= δλλδεδδ    (30) 

This gives a final steady state solution for carbonateC13δ : 

SorgorgPinOCCC ffC ∆⋅⋅−−⋅+= λεδδ )1()( 13     (31) 

Crucial as regards to the connection to bioturbation is the vertical isotopic difference S∆ . The 
relative 13C-depletion of OCC derived carbonates is thought to result from the fact that the 
carbonate/bicarbonate anions incorporated into the crust ultimately derived from the breakdown of 
organic matter, meaning that OCC-induced carbonate precipitation could be impacted upon by the 
amount of organic matter that reaches the deep ocean. We hypothesize that the rise of bioturbation 
caused the proportion of global remineralization occurring on the shelf, in close proximity to 
surface waters, to qualitatively increase. We suggest that in so doing, bioturbation caused the 
isotopic impact of organic-carbon remineralization on OCC derived carbonates to qualitatively 
decrease, because less organic-derived carbon made it into the proximity of seafloor spreading 
zones as remineralization became more intense in shallow shelf sediments, via bioturbation-induced 
remineralization. The ultimate effect, we hypothesize, was to lessen the isotopic gradient between 
the shallow and deep ocean. Thus, we write: 
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⋅∆−∆+∆=∆     (32) 

Where we set 5)( −=∆ earlyS  and 2)( −=∆ lateS  (see Bjerrum & Canfield, 2004). Thus, we 

hypothesize that the magnitude of the isotopic difference between crustal and surficial carbonates 
declines as bioturbation increases to its current value.   

8.5 Non-steady state and local scenarios 

8.5.1 Dynamical scenario: An approximation of the methane-climate feedback loop (Bjerrum & 
Canfield, 2011) 
The transient nature of negative carbonateC13δ  excursions was attributed to a dynamical feedback loop 
involving the release of methane from sedimentary DOC oxidation, and a resultant climatic 
feedback sequence leading to transient enrichment with 13C in the preserved record (Bjerrum & 
Canfield, 2011). In our modification of this scenario we explore the hypothesis that bioturbation-
driven sediment oxygenation was crucial in reducing susceptibility to this methane driven feedback 
sequence. Occurrence of this feedback loop presupposes a DOC rich ocean approximately 30 times 
larger than the modern reservoir, something that is proposed to be more realistic than the ~100 
times larger DOC reservoir invoked by the original Rothman ocean (Rothman et al, 2003). As 



mentioned in the main text, the feedback sequence invoked by the original authors attributes photo-
oxidation of DOC to its high marine concentrations, as a result of which “photo-oxidation of DOC 
results in a high flux of CO  to the atmosphere, which lowers the concentration of the hydroxyl 
radical OH• , which in turn increases the residence time of methane in the atmosphere. This 
increase in methane residence time is greater than would be accomplished by just an increase in the 
methane flux. The end result is higher atmospheric methane concentrations. Greenhouse warming 
from the methane increases surface temperature and melts glacial ice, which combine to produce a 
negative O18  anomaly in precipitated carbonates. The higher temperatures also accelerate the 
weathering of continental rocks, drawing down atmospheric 2CO . Lower 2CO , in turn, reduces the 
isotopic fractionation between DIC and organic carbon during primary production, while the C13δ  
composition of organic carbon is buffered by the large DOC reservoir.” (Bjerrum & Canfield, 
2011).  

To reiterate the core sequence of events, there exists, by hypothesis (and implicitly as a 
consequence of the DOC rich ocean), a decline in the size of the atmospheric hydroxyl radical pool

0, <∆∆∃ OHOH MM , which induces a decrease in the methane oxidation rate. This causes an 
increase in the mass and residence time of the atmospheric methane pool 0,

44
>∆∆∃ CHCH MM . 

This, in turn increases temperature 0, >∆∆∃ TT , increasing silicate and carbonate weathering 
0, >∆∆∃ WW , which leads to the drawdown of 2CO  from the atmosphere, leading to an influx of 

aqueous carbonate anions to the ocean (and in the case of silicate weathering constituting a 
permanent 2CO  sink), 0, 22 <∆∆∃ COCO . This leads to a transient change in the atmospheric 2CO  
content, decreasing the magnitude of the ( 2CO -sensitive) photosynthetic fractionation factor Pε . 
This contributes to ultimately reducing the DIC-carbonate isotopic composition 0, 1313 <∆∆∃ CC δδ .  
 
Using “ XM∆ ” to denote a perturbation in the mass M of the reservoir of variable X, and “→” to 
denote a causal connection, the whole feedback sequence postulated by the original authors can be 
labelled as:  

CCOWTMM CHOH
13

24
δε ∆→∆→∆→∆→∆→∆→∆    (33) 

We define the relative magnitude of each of the above stages of the feedback sequence via a 
simplified analytic approximation to the original model, which incorporates the impact of 
bioturbation on sediment oxygenation. Define the mass OHM  of the hydroxyl radical reservoir, with 
baseline size molM OH

61029.0 ×= (Prather, 2007), and using the subscript “pre” and “post” 
denoting the reservoir’s size before and after the perturbation,  we can parameterize the initial 
magnitude of the decrease in the amount of OH• in the atmospheric reservoir, using the 
perturbation magnitude parameterφ : 
 

)1(,,, OHPREOHOHPREOHPOSTOH MMMM φ−⋅=∆−=      (34) 
This reduces the oxidative reaction of atmospheric methane with hydroxyl radicals, leading to a 
transient increase in the size of the atmospheric methane reservoir, which ultimately drives the rest 
of the feedback sequence.  
 



We make a quasi-steady-state approximation to the maximal atmospheric methane concentration, at 
the inflexion point defining the maximum size of the perturbation (i.e. the maximum value that the 
atmospheric methane reservoir 

4CHM  takes before it starts to decline back to steady state).  
The time derivative of the atmospheric methane reservoir is: 
 

44444

4
,0,,, CHCHPhotOHCHCHOXINCH

CH MFMMFF
dt

dM
⋅−⋅⋅−=                                                   (35) 

The first term, the methane influx to the atmosphere, must conform to: 
oxCHDOCCHDOCHYDRATECHINCH RRDF ,,,,, 4444

++=                       (36) 
 
Where the input to the atmosphere via degassing HYDRATECHD ,4

 is the product of baseline degassing 
rate, a time dependent forcing factor, and the size of the methane hydrate pool, which works out as:

114
, 10032.4

4

−×= molyrD HYDRATECH  (although in the original model the flux may fall below this 
baseline value by a factor of ten due to the time dependent perturbation forcing). The baseline rate 
of methanogenesis can be calculated using a baseline (constant) oxygen insensitive background flux 

113
, 1045.1

4

−×= molyrR CHDOC  and an anoxia-sensitive flux, the latter of which we write as: 

sedOXCHDOCOXCHDOC anoxRR ⋅= 0,,,, )(
44

     (37) 
 
Where 114

0,, 1071.1)(
4

−×= molyrR OXCHDOC  and sedanox  is, as defined above, the anoxic fraction of 
marine shelf sediments (and a decreasing function of biotf ). The baseline scaling factor for the 
hydroxyl-independent photo-oxidation of methane in the atmosphere 16

0, 1003.2)(
4

−−×= yrF CHphot   
is multiplied by the size of the atmospheric reservoir 

4CHM  to produce the final value for the flux. 
By (35), define the pre-perturbation steady state as: 
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Where molM preOH

610299.0)( ×= and molF CHOX
12

0,, 10067.7
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×= . Define the perturbation by: 
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Substituting (36) into (37) and solving for OHφ  we get: 
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On the basis of which we assume a 1:1 ratio between the magnitudes of the perturbations in the 
atmospheric hydroxyl and methane reservoirs. In accordance with the results of the original model, 
we initially parameterize a methane increase in the region of 300

4
≈CHφ , but the results in the main 

text are essentially a sensitivity analysis to this parameter.  
 
The impact of this methane increase on climate occurs via the resultant temperature increase. In the 
original model the temperature function is the sum of a radiative energy balance component, a time 



dependent solar insolation component, and a greenhouse warming component GT  which is of the 

form )ln(
0,0, 442
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CHCHCO

CHCHCO
G MM

MM
T

⋅+

⋅+
⋅Γ=

λ
λ

. Because the rest of the temperature function is unaffected 

by the perturbation, we define a baseline starting temperature KCT oo 15.288150 ≡= , to which we 
add the methane induced temperature perturbation to calculate the temperature post methane-
induced warming. I.e.:  
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    (41) 

TTTpost ∆+= 0       (42) 
 
Where Co6=Γ  is a methane sensitive greenhouse warming parameter (Beerling et al, 2002),

molMM preCOCO
16

,0, 1064.7
22

×== , 4.6
4
=CHλ  is the ratio between the greenhouse response to 

methane and that to carbon dioxide, and molM CH
15

0, 102.2
4

×= , and preCHM )(
4

 is calculated as 
above. We simplify the effect on weathering of this temperature perturbation, by incorporating 
silicate and carbonate weathering functions from Bergman’s COPSE model (Bergman, 2004), into 
which we incorporate the temperature perturbation, calculating the change silw∆  induced in the 
silicate weathering flux: 
 

)))025.01(())025.01(((35.0 09.065.009.065.0
0

prepost T
pre

T
post eTeTsilwsilw ⋅⋅ ⋅+−⋅+⋅=∆   (43) 

 
Similarly the warming induced variation in the carbonate weathering flux is: 
 

)(87.00 prepost TTcarbwcarbw −⋅⋅=∆      (44) 
 
Where 112

0 1065.6 −×= molyrsilw  and 112
0 1035.13 −×= molyrcarbw , and the difference between the 

weathering fluxes is calculated holding all factors others than temperature as constant. We hold 
2CO  constant prior to the weathering increase, then use the latter change in order to calculate the 

subsequent 2CO  drawdown induced by this weathering change. The stoichiometry of silicate 
weathering leads to a net 2CO  draw-down; 

)(2)(2)(3)(2)(3 )/(2)/( aqaqseaflooratmosland SiOCOCOMgCaCOSiOMgCa ++→+  , whereas that of 
carbonate weathering only leads to a transient carbonate ion influx to the ocean, without a net 
change in the overall ocean-atmosphere reservoir size

)(32)(3)(2)(2)(3 )/()/( aqseafloorlatmosland COHCOMgCaOHCOCOMgCa +→++ (Walker et al, 1981).  
 
However, increased carbonate weathering can lead to a transient change in carbonate alkalinity that 
potentially influences atmosphere-ocean apportioning of 2CO  relevant to the transient perturbation 
being considered here, and we therefore consider the effect of the perturbation on the latter flux.  

Approximating the global derivative for the atmosphere-ocean 2CO  reservoir as silwD
dt

dM CO −=2  

with degassing D  constant, then using the silicate weathering formulation from COPSE (Bergman 



et al, 2004) ))))(025.01(((35.0 0
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for steady state, 2CO  reservoir sizes before and after the temperature perturbation are: 
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And if preTT =0  then the difference between the two simplifies to:
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i.e. 0
2
<∆ COM  is the net 2CO  drawdown, as given by (45).  

 
The temperature increase also leads to a net (negative) change in the solubility of 2CO  in the ocean, 
with implications for the photosynthetic isotopic fractionation factor. 2CO  in surface ocean waters 
is equilibrated with the atmosphere according to the solubility 0K and fugacity )( )(2 gCOf : 

)( )(20)(2 gaq COfKCO ⋅=         (46) 
Where 0K  is in units of moles per kilogram per part per million 2CO , and the fugacity is given by:  
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Where 0164.0=ψ  is an estimate (Bergman et al, 2004) of the pre-industrial atmospheric fraction 
of the total 2CO  reservoir, which we hold constant. The solubility constant is given by: 
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Where the temperature is in Kelvin 16.237+= TTK  and the salinity is held constant at the modern 
salinity )(72.34 1

0
−= gNaClkgS . We approximate the change in the concentration of 2CO  dissolved 

in surface ocean waters, and )(2 aqCO  is in units of moles per kilogram seawater. Because we do not 
explicitly calculate all carbonate alkalinity speciation, we approximate dissolved 2CO  by (45) and 
(46) and simply write: 
 

),(),( ,)(2,)(2)(2 22 prepreCOaqpostpostCOaqaq TMCOTMCOCO −=∆      (49) 
 
(obviously a more realistic model would explicitly calculate carbonate alkalinity speciation, but for 
our purposes we consider this simplification acceptable). Thus we have an approximation of the 
maximum temperature and 2CO  change induced by the methane perturbation at its peak. We now 
use a difference approximation of the time derivative for the DIC reservoir used in the original 



paper, in order to derive an approximate, upper bound estimate of the change in isotopic 
composition of that reservoir (as accurately as can be achieved without resolving the detailed 
equilibration dynamics in the DIC pool). We write a difference formulation for the isotopically 
weighted derivative for the DIC reservoir as (by the product rule): 
 

DICDICDICDICDICDIC MMM δδδ ∆⋅+∆⋅=∆ )(     (50) 
 
The difference formulation of the derivative of the carbonate carbon pool is taken from the original 

model 
dt

dM DIC  term: 

 
)1( γ−+++−−−=∆ methanoxoxDIC RRRmocbEPmccbcarbwM    (51) 

 
For each flux in the above equation, we separately consider the impact of the perturbation on the 
magnitude of the flux itself, i.e. ( fluxflux pre ∆+ ), and the impact upon the isotopic composition of 
that flux (i.e. fluxpreflux δδ ∆+, ), with the pre-perturbation value being calculated using 

preCOCOpre MMTT ,22
, == , thus:    

 
jprefluxprefluxprefluxprejDICDIC fluxfluxfluxM ))()((()( ,, δδδδ ⋅−∆+⋅∆+∑=∆  

jprefluxprefluxfluxprej fluxfluxflux )( ,, δδδ ∆⋅∆+⋅∆+∆⋅∑=    (52) 
 
Where for each of the specific fluxes (i.e. carbonate weathering carbw , marine carbonate carbon 
burial mccb , and so on) in (51), the perturbation-induced change in the magnitude of each flux is of 
the form:  
 

),,(),,(
,42,42 ,, preCHpreCOprepostCHpostCOpostprepost MMTfluxMMTfluxfluxfluxflux −=−=∆  (53) 

Similarly, the change in the isotopic composition of each specific flux is: 
),,(),,( ,4,2,4,2

)()()()(
preCHpreCOprepostCHpostCOpost MMTfluxMMTfluxprefluxpostfluxflux δδδδδ −=−=∆   (54) 

 
The formulation of each of the specific fluxes and the isotopic composition by which these fluxes 
are weighted is taken from the original model and given in table 3. We proceed by using these 
formulations in order to calculate the perturbation induced change in each flux (by (53)) and each 
flux-specific isotopic composition (by (54), which we then substitute into (51)), ending up with an 
explicit version of (52). Then, as above, we put oo

o
DICDIC 20, −== δδ  preDICDIC MM ,=  in the right 

hand side of (50), put DICM∆  equal to (51), and solve for DICδ∆ : 
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DICDICCHcarbonateC δδδ ∆+= 0,
13

4
)(      (56) 

 
This provides an estimate of the change in isotopic composition of marine DIC directly attributable 
to the feedback loop above.  
 



In terms of the potential impact of bioturbation, the authors (Bjerrum & Canfield, 2011) also state 
that “While the form of our parameterization of DOC decomposition pathways and the choice of 
absolute values is unconstrained, the extent to which organic carbon oxidation proceeds by 
methanogenesis should be related to the volume of anoxic waters and sediments, which is a function 
of atmospheric oxygen concentration and other factors.” We suggest here that inbuilt into this 
scenario is a potential shut-down of the feedback loop by the ventilation of sediments through 
bioturbation. We use the biotf  term defined above to approximate the methanogenic fraction of 
anaerobic remineralization of DOC: 
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This expresses the idea that methanogenesis (being inhibited by the presence of both oxygen and 
sulphate) would have been particularly inhibited by the presence of bioturbation, even relative to 
other anaerobic processes for oxidizing carbon. As well as incorporating the perturbations in 
temperature prepost TTT −=∆ , 2CO  

2COM∆  and methane preCHpostCHCH MMM )()(
444

−=∆ , as 
calculated from the equations above, we additionally incorporate a weathering-induced phosphorus 
perturbation: 
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This perturbation is incorporated into the global ocean anoxia function from table 1 (holding the 
global oxygen reservoir itself constant in this case), which then feeds in to the sediment anoxia 
function.  
 
8.5.2 Terrestrial input of isotopically distinct carbon scenario (Johnston et al, 2011) 
Some researchers (Johnston et al, 2011) have suggested that the lack of isotopic covariance between 
the organic and carbonate pools in some sections was caused by the lithification process (Knauth & 
Kennedy, 2009) or diagenesis (Derry, 2010), and by implication that some extreme carbonateC13δ  
values for the Precambrian are diagenetic rather than global-biogeochemical in origin. This 
interpretation is difficult to reconcile with the correlated variance in other sections and with the 
overall global scale and synchrony of the trends observed. The authors attempted to suggest a 
resolution to this tension; arguing that the organic carbon that exhibits isotopic decoupling from the 
carbonate-DIC pool had a terrestrial origin (unlike the marine organic carbon reservoir in general). 
These authors attribute the periodic lack of covariation between carbonateC13δ  and organicC13δ  in those 
sections in which it occurs (and only in such sections) to the intermittent input, via weathering of 
organic matter in rock on the land surface, of an isotopically light (i.e. 13C-depleted) carbon pool; 
“much of the existing orgC13δ  from Neoproterozoic sedimentary rocks reflects contamination with a 
secondary source of organic carbon, possibly from the erosion of organic rich shale on land, or the 
migration of hydrocarbons within the basin..” They envisaged a coastal microcosm in which the 
isotopic composition of inorganic carbon is impacted upon by remineralization from an organic 
pool. This organic pool itself is a mixture of “normal” carbon offset from the DIC pool by the 
photosynthetic fractionation factor Pε , and organic matter from the 13C-depleted terrestrial pool. We 
briefly simplify and reformulate their idea in the context of the rise of bioturbation. (Note that this 



model, in contrast to those given above, refers to the isotopic composition of a localized microcosm, 
not to a global mass balance within the carbon cycle considered as a whole). This mixed organic 
pool has isotopic composition MIXorgC )( 13δ , the isotopically equilibrated “normal” organic carbon 

has composition PDICEQorg CC εδδ −= 1313 )( , and the exogenous terrestrial derived pool has isotopic 

composition TorgC ,
13 )(δ . The authors of the original paper formulate the composition of this mixture 

using two distinct mass fraction terms, but in order to simplify the idea, we define two key free 
parameters; ϕ , the fraction of the organic carbon in the microcosm of interest that is comprised by 
the terrestrial-derived pool, and remf , the fraction of inorganic matter that is isotopically impacted 
upon by the remineralization of organic matter, and thereby impacts upon the isotopic composition 
of DIC in that microcosm. The isotopic composition of inorganic carbon, impacted upon by 
remineralization of contemporaneous organic matter, can thus be written as: 
 

DICremTorgPDICremmixtureDIC CfCCfC 13
,

131313 )1())()()1(()( δδϕεδϕδ ⋅−+⋅+−⋅−⋅=  (59) 
 
We set 113 −=DICCδ ‰ (i.e. assuming there is no other process responsible for negative isotopic 
enrichment at the global scale), and treat both the isotopic composition of the terrestrial carbon 

10)(50 ,
13 −≤≤− TorgCδ , and the “remineralization-influenced fraction” %5%1 min ≤≤ ref  as 

parameters. Importantly, in terms of the role of bioturbation, we suggest that because the exogenous 
terrestrial carbon must necessarily be qualitatively more resistant to remineralization, and because 
bioturbation will enhance remineralization of “normal” organic carbon in sediments, we can 
meaningfully write: 

biotf≈ϕ        (60) 
 
In other words, the fraction of “normal” organic matter (i.e. organic matter that is isotopically 
equilibrated with the DIC pool) in the microcosm, will decline with increasing bioturbation, 
because bioturbation will promote the breakdown of this organic matter more than it will the 
recalcitrant exogenous pool.  
 
8.6 Wavelet analysis of C13δ data  
The data used in figure 1 is a compilation of that taken from previous compilations (Halverson et al, 

2010, Saltzman et al, 2012). A wavelet power spectrum was used to determine the period of 
oscillations within this compilation (a wavelet is a brief oscillation beginning at zero, with a defined 
amplitude and length). Periodograms of wavelet transforms (Torrence et al, 1998) were produced 
from the smoothed carbonateC13δ . The datapoint density was standardized using a smoothing spline 
from within the “csaps” function in MATLAB, which has a single tunable variable determining the 
degree of fit between the data and the curve. This approach differs from binning the data into time 
intervals in that the curve implicitly takes into account the number of datapoints supporting a given 
interpolation path. A wavelet power spectrum was obtained using the wavelet toolbox in MATLAB, 
using a 1 dimensional continuous wavelet transform with the Morlet wavelet (Morlet et al, 2012) as 
the mother function. As discussed in the main text, we find a qualitative decline in the amplitude 
and wavelength of oscillations in the Paleozoic in comparison to the Neoproterozoic. The Morlet 
wavelet ψ  is a sinusoid with period a  modulated at time t  by a Gaussian of widthb : 
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Where the parameter l  modifies wavelet transform bandwidth resolution either in favour of time or 
in favour of frequency, according to the uncertainty principle. The bandwidth resolution for wavelet 

transform varies with 
l

aa
π4
2

⋅=∆  and the location resolution
2

alb =∆  and parameter 10=l  are 

chosen so as to give sufficiently precise resolution in depth and frequency respectively. 


